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Abstract
Temporal Evolution of Historic Mafic Lavas from Fogo, Cape Verde
Erik Magnusson
The volcanic Island of Fogo that is situated near the end of the southern island chain in the archipelago
of Cape Verde is one of the most active oceanic volcanoes in the world. The purpose of this study was
to investigate temporal variations in lavas from Fogo by using whole rock major and trace elements
and describe trends in magmatic differentiation, melting systematics and mantle source compositions.
Further, for the first time Fogo lavas have been investigated by using 18O isotopes, to test for crustal
assimilation and source variations. The time span for this study includes one sample of unknown
prehistoric age and then from 1799 and onward all eruptions including the most recent in 2014-2015
are covered.
The Fogo lavas are mafic, alkali rich, porphyritic, basanite-tephrites dominated by clinopyroxene
phenocrysts followed by olivine and opaque phases situated within glass and microcrystalline
groundmass. Fractional crystallization and phenocryst accumulation is important mechanisms for
magmatic differentiation, and the best result from fractional crystallization modelling gave a
crystallizing assemblage of 20.7 % clinopyroxene, 5.4 % olivine, 4.2 % Fe-Ti oxides and 0.8 %
apatite. Temporal variations in MgO content reveal a trend that change from more evolved lavas in
older historic eruptions, to more primitive compositions in lavas from the middle of the 19th century,
back to more evolved compositions in recent eruptions. Oxygen isotopes of glass and microcrystalline
groundmass vary within a normal upper mantle range (δ18O = 5.7±0.3 ‰) which rule out any
significant crustal assimilation, and the variations observed for the oxygen isotopes are probably
related to source variations as there are tendencies towards covariation with source lithology proxies.
Trace element ratios together with high TiO2 contents indicate that pyroxenite is an important
source lithology. The Fogo lavas are highly enriched in incompatible elements and utilizing a simple
batch melting model suggests ~2-4 % degree of melt for most sampled eruptions. In addition, melting
is occurring at high pressures in the presence of residual garnet as the REE are fractionated. Trace
element ratios of Ce/Pb and Zr/Y in Fogo lavas are consistent with mixing of a HIMU-like and an EM
1-like mantle source. There are also indications of an increasing involvement of the EM 1-like source
through time. Magma mixing is indicated by petrographic observations such as complex zonation
patterns and the occurrence of rounded cores in euhedral clinopyroxenes, as well as inferred from a
large scatter in certain trace element ratios.
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Populärvetenskaplig sammanfattning
En tidsstudie över geokemisk utveckling av lava från vulkanen Fogo i Kap Verde
Erik Magnusson
Vulkanön Fogo som ligger nära änden av den sydvästra ökedjan i Kap Verdes skärgård är en av de
mest aktiva vulkanerna i världen. Syften med denna studie var att undersöka den kemiska variationen i
lava från Fogo över tid och koppla variationen till olika magmatiska processer i vulkanen. Lava från
Fogo har dessutom i denna studie för första gången undersökts med hjälp av syreisotoper för att testa
för inblandning av material från jordskorpan samt för variationer i manteln i jordens inre där lavan
bildas. Denna studie omfattar en tid som sträcker sig från ett förhistoriskt icke tidsbestämt
vulkanutbrott, samt från 1799 till och med det senaste utbrottet 2014-2015. Lava från Fogo i denna
studie är basisk och relativt magnesiumrik samt rik på alkaliska ämnen och har en porfyrisk textur som
innebär att större mineralkorn sitter inbäddade i en finkornig grundmassa. Detta är typiskt för ytliga
vulkaniska bergarter som svalnat snabbt. Mineralsammansättningen i lavan domineras av
silikatmineralen pyroxen följt av olivin tillsammans med vad som troligen är järn-titan oxider. Dessa
mineraler sitter i en grundmassa som består av mikroskopiska mineralkristaller och av glas.
Lavan från Fogo har spårämnen som tillsammans med en hög koncentration av titandioxid påvisar
att pyroxenit smält i manteln där lavan producerats, till skillnad från peridotit som är vanligare
förekommande. Lavan har producerats genom smältning i manteln under relativt högt tryck vilket är
typiskt för den här typen av vulkanöar och är dessutom berikad i vissa spårämnen som beror på att
bara en liten andel av manteln smält när lavan bildats. En enkel smältningsmodell beräknade att ca 2-4
% smältning av manteln kunde ge de observerade koncentrationerna av spårämnen.
Öarna i Kap Verdes skärgård har en geografiskt varierande geokemisk karaktär som beror på att
den underliggande manteln består av skilda mantelkomponenter med olika kemisk sammansättning. I
lava från den södra ökedjan dit Fogo tillhör ingår en mantelkomponent som saknas i den övriga delen
av skärgården. Spårämnen i lava från denna studie överensstämmer med en blandning av dessa
mantelkomponenter, dessutom verkar det förekomma en tidsmässig variation av inblandning från
respektive komponent. Det finns även bevis för att olika typer av magma blandats från t.ex.
mikroskopistudier av mineraltexturer. Resultatet från de analyserade syreisotoperna visar på en
variation inom vad som är normalt för övre delen av manteln (5,7 ± 0,3 ‰), vilket utesluter
inblandning av större mängder material från jordskorpan. Den variation av syreisotoper som
förekommer i lavan beror därför förmodligen på att manteln inte är enhetlig.
Nyckelord: Kap Verde, Fogo, tidsmässig utveckling, magmatisk petrologi, syreisotoper
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1 Introduction
The purpose of this project was to investigate the temporal magmatic evolution of mafic lavas, as well
as potential crustal assimilation of lava samples, from the island of Fogo in the Cape Verde
archipelago. The volcano at Fogo is one of the most active in the world and the volcanism is
characterized by alkaline basanites and tephrites in an oceanic island setting (Hildner et al. 2011). The
Cape Verde has a long volcanic history of ~19 million years (Duncan & Jackson 1977) and the
underlying hotspot is almost stationary due to its location near the axis of rotation of the slowly
moving African plate (Pollitz 1991; Holm et al. 2008), therefore the Island of Fogo is a suitable
location to study mantle processes and temporal magmatic variations as there are no complicating
factors from a moving lithospheric crust. The magmatic system is not static and it can be hypothesized
that certain aspects of it vary with time such as magmatic differentiation, crustal assimilation,
alteration processes as well as variations in the mantle source and melting systematics, which will be
reflected in the chemical composition of the lavas and therefore may reveal systematic temporal
fluctuations.
Fourteen lava samples have been collected from the Chã das Caldeiras on the island of Fogo for
this study. The lava samples cover a timescale from the most recent eruption in 2014 – 2015 back to
1799, as well as one sample of undetermined prehistoric age. The temporal evolution of the lavas will
be investigated using whole rock major and trace element data together with oxygen isotopes. Major
elements will primarily be used to investigate magmatic differentiation. Selected trace element ratios
will be used to investigate variations in the mantle source with time such as degree of partial melt,
contribution from different mantle source endmembers and together with TiO2 show likely mantle
source lithology (e.g. Weaver 1991; Abratis et al.2002; Prytulak & Elliott 2007; Stracke and Bourdon
2009).
Lavas from Fogo have not previously been studied with 18O isotopes, and they will be used in this
project together with whole rock major and trace element data in order to shed further light on the
magmatic evolution of Fogo. Utilizing

18

O isotopes for investigating crustal assimilation, alteration

processes and mantle source variations is a robust method choice, due to the sheer abundance of
oxygen in rocks, and because the mantle source has a quite narrow δ18O range (e.g. Mattey et al. 1994;
Chazot et al. 1997). Any assimilation of crustal material would most likely raise the δ18O values, as
crustal material and oceanic sediment in particular have significantly higher δ18O values (Harris et al.
2015). Alteration caused by seawater or hydrothermal alteration processes can also affect δ18O towards
both higher and lower values and is associated with assimilation of altered volcanics (e.g. Hansteen &
Troll 2003; Donoghue et al. 2008, 2010; Deegan et al. 2012). After assimilation and alteration
processes has been accounted for

18

O in the Fogo lavas can potentially be used to find links to the
1

involvement of various mantle source components as they have distinguishing δ18O signatures (e.g.
Eiler et al. 1997; Eiler 2001, Gurenko et al. 2011) in addition to major and trace elements.

1.1 Thesis objectives
The main objectives of this thesis are to address how the chemical composition of lava from Fogo has
varied during the last couple of hundred years using whole rock major and trace elements. I will
explore the nature and the likely causes of this variation. In addition I will utilize δ18O isotope analysis
of groundmass separates together with clinopyroxene and olivine crystals in order to further assess
magmatic differentiation, crustal assimilation, alteration processes and variations in source
composition.

1.2 Geological setting
The Cape Verde archipelago consists of nine major islands and several smaller islets and seamounts.
All islands are of volcanic origin and are related to the Cape Verde mantle plume. They form the top
of the Cape Verde Swell and are located approximately 500 km west of Senegal in West Africa (Fig.
1) (Hildner at al. 2011). Rock types of the islands and seamounts in the archipelago are dominated by
mafic volcanic rocks and only minor felsic volcanism has occurred (e.g. Gerlach et al. 1988;
Doucelance et al. 2003; Holm et al. 2006). The volcanic rocks of Cape Verde are silica-undersaturated,
highly alkaline in character and are typically classified as basanite or tephrite to nephelinite (Gerlach
et al. 1988).
The Cape Verde islands probably started to form in the Oligocene-Miocene and continued forming
during the Holocene. They lie on a broad bathymetric anomaly called the Cape Verde rise that shows
thermal and geoid characteristic of a mantle plume (Carracedo et al. 2015). The Cape Verde rise is a
plateau that is 500 km in diameter, elevated 2 km above the oceanic floor (Barker et al. 2009) and
hence forms the largest bathymetric anomaly in the world (Carracedo et al. 2015).
The archipelago was discovered in 1460 AD during exploration of the West coast of Africa by
Portuguese sailors, and at least since then historic eruptions have been confined to the island of Fogo
(Carracedo et al. 2015). The ages of the islands generally decrease from East to West (Holm et al.
2008) and Fogo is one of the youngest islands in the archipelago situated near the western end of the
southern chain of islands (Fig. 1) (Carracedo et al. 2015). The island of Fogo has a diameter of 27 km
and covers approximately 475 km2; it is almost circular in map view and is dominated by a single
complex stratovolcano (Carracedo et al. 2015). The highest elevation on the island is Pico de Fogo
with an altitude of 2829 m above sea level rising almost 6000 m above the Cape Verde rise (Carracedo
et al. 2015).
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Figure 1. Map showing the location of the Cape Verde archipelago west of Africa and the Island of Fogo
situated near the end of the southern island chain. Altitudinal lines are included to show the extent of the Cape
Verde rise and a 3D image of the Island of Fogo that shows the location of the active volcano Pico de Fogo
situated on the Chã das Caldeiras in the old stratovolcano Monte Amarelo. The map was created using
GeoMapApp. (http://www.geomapapp.org).

1.3 Geology of Fogo
Pico de Fogo is a conically shaped stratovolcano formed in the eastern part of Chã das Caldeiras (plain
of craters in English), on the relatively flat caldera like floor that is remaining after the previous
stratovolcano Monte Amarelo collapsed between 123 and 62 ka (Worsley 2015; Foeken et al.2009).
Monte Amarelo collapsed eastwards with a huge landslide towards the sea after reaching a critical
height of approximately 3500 m above sea level (Worsley 2015). Pico de Fogo consists of layers of
basaltic lapilli that formed from almost constant volcanic activity, from at least 1500 to 1785 AD, and
its growth halted after reaching a critical height (Worsley 2015). Since about 1500 AD Fogo has had
approximately 30 eruptions (Hildner et al. 2011) and after 1785 AD the lavas emanated from the lower
flanks of the volcano (Carracedo et al.2015), including the latest eruption in 2014 – 2015 (Worsley
2015). The eruptions are of Hawaiian and Strombolian type characterized by ash, bombs, lapilli and
lava flows. Since 1785 the eruptions usually last around two months with an average recurrence
frequency of twenty years (Worsley 2015).
The evolution of the Island of Fogo can be divided into four main phases according to Day et al.
(1999) and Foeken et al. (2009). The first phase involves the uplifted seamount series composed of
carbonatite and alkaline basalts dated to c. 4.5 Ma. The second phase has not been determined for age
yet but it includes the Monte Barro Group that is comprised of the first subaerial lavas, which
3

unconformably overlie the carbonatites (Hildner et al. 2011 & 2012). The third phase includes the
stratovolcano Monte Amarelo that formed from a period of intense volcanism where the deposits
reached a total thickness of 2 – 3 km, and unconformably overlies the Monte Barro group (Hildner et
al. 2011 & 2012). The Monte Amarelo phase is probably of Quaternary age and it ended with a
collapse of the summit sometime between 123 and 62 ka (Foeken et al. 2009). The fourth phase
includes the Chã das Caldeiras Group volcanism that occurred from c. 62 ka to present and during this
time an approximately 2 km thick caldera infill has been built up in the collapse scar forming the Chã
das Caldeiras plain (Hildner et al. 2011 & 2012). The fourth phase also includes the conspicuous
landmark of the stratovolcano Pico de Fogo as well as discontinuous lava sequences of basanitic to
tephritic composition on the outer flanks of the island (Hildner et al. 2012).
For this study lava samples had been collected to cover the most recent eruptions in 2014-2015 and
eruptions from the 20th, 19th, and 18th century as well as one sample of prehistoric undetermined age
(Fig 2). The samples are collected from the caldera infill within the collapse scar, belonging to the
fourth phase described above. All samples are lavas except one from the 2014-2015 that is of lapilli
type. Three samples from the 2014-2015 eruption and one sample from the 1995 eruption were
collected close to the caldera or bordeira wall in the western parts of the Châ das Caldeiras. For the
1951 eruption two samples were collected; one from the southern cones (CVF 3) and one from the
northern cone (CVF 10). From the 19th century eruptions six samples were collected; one from the
1857 eruption (CVF4) and two from 1852, where CVF 12 was collected close to the eruptive vent and
the other CVF 9 was collected in the coastal area. The remaining three 19th century samples include
one from the 1847 eruption (CVF 7) collected in the coastal area and two samples from the 1816
eruption where one sample was collected in the coastal area (CVF 8) and the other (CVF 11) close the
eruptive vent. From the 18th century (the 1799 eruption) and the prehistoric eruptions there was only
one sample each (CVF 6 & 5) and they were both collected in the coastal area.

4

Figure 2. Geological map of Fogo that shows the location of lavas from different historic eruptions and sample
locations for this study. Modified after Carracedo et al. (2015).
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1.4 Magma generation and the mantle source
The generation of lava that emerges in intra-plate hot spot volcanism can be described in a simplified
model created from a two-layered mantle where the oceanic-island basalt (OIB) originates from a
source reservoir underlying the depleted asthenosphere (mid-ocean ridge basalt MORB) and rises
through the depleted asthenosphere as upwelling diapiric mantle plumes (Wilson 2007). As these
diapirs rise adiabatic decompression initiates partial melting in them as well as in surrounding MORB,
which inevitably leads to mixing of the two mantle sources and hence the magma that segregates and
emerge as lavas will have a geochemical signature that reflect the mixing of these sources (Wilson
2007). From detailed Sr, Nd and Pb isotopic studies it has been shown that the OIB source reservoir is
not simply derived from the primordial mantle but is also comprised of a component of ancient
recycled oceanic crust that has been isolated for several billion years (Wilson 2007). Primary magmas
generated from a rising mantle plume will in general have a chemical composition that depends on
several factors that include 1) the mineralogy and composition of the mantle source, 2) the degree, and
mechanism of partial melting in the source, and 3) segregation depth of the magma (Wilson 2007), and
hence OIB show a large geochemical variability.
Seismic tomographic studies by Montelli et al. (2004) showed that the mantle plume underlying the
Cape Verde rise extends to depths of more than 1900 km, and it can be considered a stationary hotspot
since it is located close to the pole of rotation of the African plate where the plate movement is
negligible (Holm et al. 2008; Pollitz 1991).
There are a few mantle source end-members and various mixtures thereof that are often considered
to explain the chemical heterogeneity in OIB, and these are depleted MORB mantle (DMM), high µ
(HIMU with high

238

U/206Pb and

206

Pb/204Pb ratios), enriched mantle 1 (EM 1) and enriched mantle 2

(EM 2) (Zindler & Hart 1986) and each endmember has different distinguishing chemical features
(e.g., Zindler & Hart 1986; Weaver 1991; Stracke & Hofmann 2005). The enrichment in the EM 1 & 2
endmembers may have different explanations and there are several hypotheses concerning their
formation. The chemical characteristics of EM 1 may be explained by delamination of subcontinental
mantle or from incorporation of subducted pelagic sediments, whereas subducted terrigenous sediment
probably explain the EM 2 chemical character (e.g. Hoernle et al. 1991; Chauvel et al. 1992; Abratis et
al. 2002).
The mantle source for several hotspots has been suggested to be zoned or display compositional
changes through time such as Hawaii (e.g. Kurz et al. 1995; Abouchami et al. 2000), Iceland (e.g.
Hards et al. 1995; Fitton et al. 1997; Chauvel & Hémond 2000; Holm et al. 2000), Galapagos (Hoernle
et al. 2000) and the Cape Verde (e.g. Gerlach 1988; Davies et al. 1989; Barker et al. 2009, 2012, 2014;
Holm et al.2006 & 2008). Gerlach et al. (1988) and Davies et al. (1989) found that the northern islands
in the archipelago had Pb isotope characteristics suggested to be the result of mixing between a local
DMM – and HIMU-like source (Gerlach et al. 1988; Holm et al.2006). The southern islands in
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contrast show more affinity towards the involvement of an EM1 source mixed with HIMU (Gerlach et
al.1988; Doucelance et al. 2003; Barker et al. 2009, 2010), which is geographically restricted to the
islands of Maio, Santiago and Fogo (Fig. 1) as it is absent in the southwestern island of Brava until 0.5
Ma and the Cadamosto Seamount (Mourão et al. 2012; Barker et al. 2012, 2014). The spatial isotopic
heterogeneity in the archipelago has persisted for a long time and it has been shown by detailed studies
of the northern island of Santo Antão and the southern island of Santiago to occur for at least 7.5 Ma
and 4.5 Ma, respectively (Holm et al. 2006, 2008; Barker et al. 2009, 2010).
Variations in mantle lithology are also a controlling factor for the chemical properties of a mantle
derived melt, and lithological heterogeneity in the Earth´s mantle has often been suggested to be
related to melting of pyroxenite enclosed in the surrounding peridotitic mantle (e.g.Prytulak & Elliott
2007; Stracke & Bourdon 2009). Clinopyroxene and garnet-rich rocks comprises pyroxenite which are
derived from subduction of oceanic crust, i.e. recycled MORB that has been chemically modified
during subduction, and are distinguished from peridotite by compositional differences (Stracke &
Bourdon 2009). The subduction of oceanic crust potentially introduces mantle source heterogeneities
and at high pressures in subduction zones these recycled components are transformed to eclogite
which further extends the chemical and lithological heterogeneity in the mantle source (Kogiso et al.
2003). Furthermore there are different partition behavior of certain elements between pyroxenite and
peridotite that enables a fingerprinting of pyroxenite melt using distinctive trace element signatures.
Some examples of this are that pyroxenite melts typically contain La and Nb with a ratio of less than
one (Stracke & Bourdon 2009 and if garnet is present pyroxenite melts typically give high Ba/Th
ratios (Stracke & Salters 1999). Further, if Sr/Nd ratios is higher than primitive mantle (~15, Sun &
McDonough 1989) an enriched mantle component such as pyroxenite is likely part of the source
(Stracke & Bourdon 2009). In addition to trace elements TiO2 can be used to determine source
lithology as many OIB, compared to a global dataset, are enriched in TiO2 beyond what can be
explained by melting of a peridotitic mantle source alone, and therefore require the addition of an
enriched component such as pyroxenite to the mantle source (Prytulak & Elliott 2007).

2 Material and methods
2.1 Whole rock major and trace element
The analysis for whole rock major and trace element was performed at ACME Analytical Laboratories
Ltd in Vancouver, Canada on twelve samples (CVF 01-12). Before the analysis the samples were
prepared by jaw crushing and milling. For major elements 0.5 g of crushed material per sample were
first digested with a LiBO2/Li2B4O7 flux and then analyzed by inductively coupled plasma emission
spectrometry (ICP-ES). For the trace element analysis 0.25 g was used per sample, which was first
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digested with a HNO3-HCIO4-HF solution before analysis with inductively coupled plasma mass
spectrometry (ICP-MS).
The analytical precision for major elements was recorded with internal standards and a duplicate of
one sample. Based on the duplicate the analytical precision for elements with a concentration of < 2.5
wt. % gave a reproducibility of ≤ 1.1 %, whereas for major elements with > 2.5 wt. % the

reproducibility was ≤ 0.52 %. For trace elements no duplicate analysis was performed. The analytical

precision was instead estimated by comparison between the analytical standard determined at ACME
and the deviation from the certified values for the standards. For the trace elements two standards from
Ore Research & Exploration, OREAS 45E and OREAS 25A were used and the average deviations was
6.7 % and 7.6 % respectively. For most elements the deviation was from c. 2 to 10 % but some
showed higher deviations and in general the deviation was higher at lower concentrations. The highest
deviation was for Se with 36.03 % at 2.3 ppm followed by W with 19.05 % at 1.7 ppm and then Ta,
Hf, Lu and Yb with 18.5 %, 18.88 %, 17.65 % and 17.65 % for concentrations of 1.3, 3.72, 0.2 and 1.1
ppm respectively. The minimum detection limit was for the oxides 0.01 % whereas for the trace
elements it varied between 0.002 ppm to 1 ppm for different elements. The resulting data for whole
rock major and trace elements are summarized in Table 1 section 3.2.

2.2 Oxygen isotope analysis
Oxygen 18 isotopes from fourteen samples (CVF 01-14) were measured in clinopyroxene and olivine
crystals as well as in chips of groundmass that were handpicked at the University of Uppsala using
tweezers and a binocular microscope. The crystals chosen for the analysis had a mass of 2 to 3 mg
each and lava samples they were picked from had been previously crushed to sand-sized fragments in
a jaw crusher. Groundmass chips were carefully selected to represent pristine and fresh lava and then
milled in an agate mortar. The oxygen isotope analysis was performed at the University of Cape Town
in South Africa. For the olivine and clinopyroxene crystals δ18O ratios were measured using laser
fluorination where the oxygen is released by heating with an infrared laser (9.6 µm CO2) in the
presence of BrF5 (Bindeman et al. 2008, Borisova et al. 2013).
The δ18O ratios for the groundmass were determined using a conventional silicate line according to
methods described in Venneman and Smith (1990), Fagerang et al. (2008) and Harris and Vogeli
(2010). The oxygen was captured in a 5 Å molecular sieve inside a glass bottle after being released
from reaction of the samples at 10 kPa together with CIF3. The oxygen gas was then reacted with CO2
by using hot platinized carbon rods in vacuum, after which the oxygen was directly measured in the
CO2 gas on a Finnigan DeltaXP mass spectrometer. For whole rock data the quartz standard NBS-28
was used as an internal reference standard, for which the long term analytical precision is 0.16‰
(Harris et al. 2015). For the laser fluorination analysis of the minerals, MON GT was used as an
internal standard for which the analytical precision is 0.15‰ recorded from 178 iterations. The
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O

data is reported as deviation (δ) from standard mean ocean water (SMOW) as δ18O, that is determined
as (Rsample/Rstandard -1) *1000 where R = the measured 18O/16O ratio (Harris et al. 2015), and is
summarized in table 2 section 3.4.

3 Results
3.1 Petrography
For this study twelve polished thin sections were available for transmitted light microscopy (CVF 1 CVF 12). They all have a porphyritic texture with various amounts of phenocrysts dispersed in a
microcrystalline to glassy groundmass (Fig. 3). The proportions of the different mineral phases was
visually estimated by area and total phenocryst content varied from ~15 to 35 %, with sizes ranging
from micro phenocryst size of a few µm up to ~5 mm. Euhedral clinopyroxene was the dominant
phenocryst phase in all samples constituting ~15 to 30 %, followed by olivine of anhedral and
subhedral crystal habits constituting ~1 to 8 % in most samples. Opaque phases are present in all
samples constituting 1 to 5 %.
Different zonation patterns such as hourglass, concentric and oscillatory zonation are very
common features in clinopyroxene phenocrysts, whereas olivine phenocrysts typically don’t show
zonation (Fig. 3 A & C). Simple twinning in clinopyroxene was also a quite common occurrence and
some euhedral clinopyroxenes contained rounded cores. Xenocrysts are uncommon in the studied thin
sections but some corroded amphiboles and minerals with breakdown textures interpreted as such were
observed in CVF 4 (1857), CVF 10 (1951) and CVF 12 (1852). One example of a corroded amphibole
is shown in figure 3 B. The microcrystalline groundmass in samples CVF 1-6 mainly consists of
clinopyroxene, olivine and opaques phases. In a few of these samples plagioclase was common and
nepheline was also observed as a minor constituent. Samples CVF 7-12 have glass as groundmass.
Some differences observed between the sampled eruptions are abundance and size of
clinopyroxene and olivine phenocrysts. The most olivine rich sample was CVF 7 from the 1847
eruption with ~10 %. This sample also has relative high clinopyroxene content with ~ 30 %. Sample
CVF 3 and CVF 10 are both from the 1951 eruption but erupted at different locations; CVF 3 is
sampled from a southern cone and CVF 10 from a northern (Fig 2). In CVF 3 clinopyroxene
phenocrysts sizes were approximately up to 1 mm and 15 %, whereas in CVF 10 the crystals was
larger, up to 5 mm and more abundant with ~25 %. The olivine content was very low in both CVF 3
and CVF 10 with ~1 to 3 % and in CVF 10 there were some large ~5 mm anhedral olivine
phenocrysts. From the eruption in 1852 there were also two samples; CVF 9 and CVF 12, where CVF
9 was collected near the coastal area and CVF 12 closer to the eruptive center (Fig. 2). In CVF 9
clinopyroxene phenocrysts was up to 3-4 mm in size constituting ~25 area % whereas in CVF 12 they
were smaller and constituting ~15 % of the area. The olivine content also differed, and CVF 9 was
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quite olivine rich with ~ 5 to 8 % compared to CVF 12 with ~2 %. Another difference between CVF 9
and CVF 12 was the groundmass. In CVF 9 the groundmass was glassy whereas in CVF 12
microcrystals of plagioclase and clinopyroxene together with opaque minerals and small amounts of
olivine and nepheline were present.

Figure 3. Transmitted light microscopy photomicrographs that highlight some typical petrographic features of
the studied thin sections. The texture is porphyritic with euhedral clinopyroxene as the dominant phenocryst
followed by olivine and opaque phases. The groundmass is microcrystalline to glassy consisting of
clinopyroxene and opaque phases, ± olivine, ± plagioclase. A) Euhedral clinopyroxene with hourglass zonation
in the core and concentric zonation in the rim together with olivine and opaque phases in crossed polarized light.
B) Euhedral clinopyroxene phenocryst showing distinct 90° cleavage angles and an amphibole xenocryst with a
reaction rim in plane polarized light. C) An example of Clinopyroxene with oscillatory zonation in crossed
polarized light. D) Same as C, but in plane polarized light. Mineral abbreviations; cpx. = clinopyroxene, ol. =
olivine, and amph. = amphibole.
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3.2 Major elements
Whole rock major and trace element data for this study is summarized in Table 1 together with
coordinates of sampling locations and corresponding eruption year for the samples. Loss of ignition
which indicates volatile content was on average 0.48 % with minimum and maximum loss of 0.03 %
to 0.67 % respectively.
Table 1. Major and trace elements for the whole rock samples in this study. LOI = loss of ignition, which
indicates volatile content.
Sample

CVF 1

CVF 2

CVF 3

CVF 4

CVF 5

CVF 6

CVF 7

CVF 8

CVF 9

CVF10

CVF11

CVF12

Year

2014

1995

1951

1857

1799

1847

1816

1852

1951

1816

1852

Rock
name
Latitu
de (N)
Longit
ude
(W)

tephrite

tephrite

tephrite

14º59'2
8"
24º17'4
0"

basanit
e
15º00'4
3.2"
24º18'2
7"

basanit
e
14º58'1
2"
24º21'1
4"

tephrite

14º55'2
1.5"
24º20'5
6.4"

basanit
e
14º57'5
9.1"
24º17'3
6.4"

tephrite

14º57'4
2"
24º22'5
3"

basanit
e
14º57'5
0"
24º17'3
7"

tephrite

14º58'0
5"
24º22'0
1"

basanit
e
14º55'1
1"
24º17'3
9"

Prehistoric
basanit
e
14º55'2
1"
24º17'4
2.6"

14º58'3
8"
24º20'2
5"

14º58'5
0"
24º20'2
3"

Major elements (wt. %)
SiO2

42.61

43.58

43.65

41.99

41.50

41.25

41.28

41.11

40.99

42.04

41.51

42.48

Al2O3

15.09

15.91

15.90

14.14

13.73

13.67

11.90

13.62

13.13

14.54

14.08

15.32

Fe2O3

12.98

11.88

11.91

13.38

13.20

13.38

13.94

12.89

13.73

13.22

13.05

12.77

CaO

11.69

10.97

10.80

12.22

13.01

13.12

12.94

12.90

13.09

11.93

12.82

11.77

MgO

6.26

5.25

5.55

7.51

7.72

7.67

11.10

7.33

8.48

6.99

7.01

5.95

Na2O

3.89

4.46

4.37

3.37

3.43

3.23

2.61

3.78

2.99

3.48

3.81

4.00

K2O

2.71

3.01

2.98

2.24

2.15

2.00

1.62

2.10

1.97

2.44

2.50

2.73

MnO

0.21

0.22

0.20

0.21

0.19

0.20

0.20

0.20

0.20

0.20

0.20

0.21

TiO2

3.83

3.48

3.44

3.83

3.96

4.01

3.50

3.93

3.88

3.83

4.01

3.73

P2O5

0.93

1.10

0.91

0.90

0.88

0.91

0.70

0.88

0.82

0.92

0.91

1.02

Cr2O3

0.01

0.01

0.01

0.02

0.02

0.02

0.05

0.02

0.03

0.01

0.01

0.01

Loi.

-0.66

-0.44

-0.53

-0.32

-0.59

-0.42

-0.60

-0.18

-0.03

-0.59

-0.67

-0.60

Sum

99.65

99.54

99.29

99.57

99.28

99.11

99.30

98.66

99.35

99.10

99.33

99.48

Trace elements (ppm)
Pb

4.09

4.93

4.54

3.6

3.4

3.08

2.81

3.39

2.84

3.63

3.44

4.07

Ni

43.9

18.6

34.5

55.7

68.3

60.8

147.5

56.5

82.7

54.7

53

35.2

U

1.4

1.6

1.5

1.1

1.1

1.1

0.9

1.3

1.1

1.3

1.4

1.5

Th

5.8

7.3

6.3

4.5

4.8

4.1

3.5

5.4

4.3

5.3

5.6

5.9

Sr

1106

1236

1134

1010

982

922

782

1014

868

1060

1043

1140

P

4050

4680

3640

3870

3590

3770

2890

3650

3390

3830

3650

4340

V

370

298

305

342

371

403

351

371

388

355

369

353

La

64.6

79

67.2

56.4

55

54.6

44.7

57.8

54.1

58.4

61.8

67.4

Cr

47

26

40

88

100

89

235

86

159

81

72

32

Ba

874

976

918

755

714

730

580

777

687

795

840

909

Zr

358.1

419.6

364.2

326.3

337

317.3

261.9

314.8

302.3

333

334.5

348.7

11

Table 1. Continued.
Sc

19.8

11.5

16.3

22.7

26.1

27.9

30.3

23.7

29.2

20.6

21.7

18.2

Y

30.5

35.4

29.6

29.7

30.4

29.9

26.1

28.6

28.4

30

30

31.8

Ce

131.92

159.07

137.27

118.02

113.01

118.43

93.4

119.5

114.76

119.69

124.15

136.92

Pr

17.9

20.6

17.5

15.7

15

15.8

12.7

15.4

15.1

16.6

16.7

17.7

Nd

66

77.4

64.7

61.1

61.5

62.1

52.4

62

59.7

62.7

63.6

67

Sm

12.2

13.9

12

11.3

11.3

11.6

10.1

11.6

10.9

12.2

12

12.7

Eu

3.9

4.3

3.8

3.7

3.7

3.8

3.4

3.9

3.5

4

4.1

4.3

Gd

10.1

10.9

9.4

9.6

8.9

9.5

8.7

9.8

9.2

10

9.7

10.2

Tb

1.3

1.5

1.3

1.3

1.3

1.4

1.1

1.3

1.3

1.4

1.4

1.3

Dy

6.6

8.2

6.6

7

7

6.7

6

6.9

6.7

7.1

7.5

7.6

Ho

1.2

1.3

1.3

1.2

1.3

1.2

1

1.3

1.2

1.3

1.2

1.3

Er

2.9

3.6

3.1

3.1

3

3.1

2.5

2.9

2.9

3.1

3.1

3.3

Tm

0.4

0.4

0.4

0.5

0.4

0.4

0.3

0.4

0.4

0.4

0.4

0.4

Yb

2.4

2.9

2.3

2.4

2.3

2.4

1.9

2.4

2.2

2.4

2.4

2.5

Lu

0.3

0.4

0.3

0.3

0.3

0.3

0.3

0.3

0.3

0.3

0.3

0.4

Hf

8.08

9.6

8.06

8.2

8.22

8.43

7.07

7.99

7.9

8.22

8.32

8.2

Li

7.5

7.9

8.2

6.5

6.7

7

5.2

6.8

6

6.1

7.1

7.8

Rb

64.8

76.8

70.2

54.7

52.3

48.6

37.8

53.7

46

55.8

56.9

63.2

Ta

5.7

7.5

6

5.4

5.1

5.3

3.9

5.2

4.7

5.9

5.7

6.4

Nb

97.57

112.6

101.87

83.18

80.61

80.1

61.72

84.28

71.95

88.44

87.83

97.29

Cs

0.7

0.8

0.8

0.6

0.6

0.6

0.4

0.6

0.5

0.6

0.7

0.8

Ga

23.26

24.51

23.78

22.78

21.49

23.37

19.03

21.25

22.31

22.23

22.09

23.27

Se

0.6

0.4

0.5

<0.3

<0.3

<0.3

<0.3

<0.3

<0.3

<0.3

<0.3

<0.3

All samples are mafic and alkaline in character with a small variation in SiO2 content that ranges
from 41 to 44 wt. % (Table 1) and with total alkali content ranging from 4.3 to 7.5 wt. % (Fig. 4).
Plotting the data in a total alkali versus silica (TAS) diagram (Le Bas et al. 1985) shows that the
samples for this study can be characterized as tephrite or basanite. Tephrite and basanite are
distinguished by normative olivine content where basanite contain more than 10 % olivine and tephrite
less than 10 % (Le Bas and Streckeisen 1991). After recalculation of the samples according to the
CIPW-norm (Rollinson 1993) the samples CVF 1 to 3 and CVF 8, 11 and 12 contained less than 10 %
normative olivine and thus they can be classified as tephrite, whereas the other samples are classified
as basanite. Samples included from other studies are more variable in alkali and silica and hence
scatter more in the TAS diagram, ranging from low silica Foidite to high alkali tephriphonolite. Some
samples from the additional data also plot in the low alkalic tephrite-basanite field bordering to
Picrobasalt (Fig 4).
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Figure 4. Total alkalis versus silica diagram after Le Bas et al. (1985). Samples from this study plot in the
alkalic Tephrite – Basanite field, whereas samples included from other studies plot on a much wider field from
low silica Foidite to high alkalic Tephriphonolite. * Additional data from the GeoRoc database; Gerlach et al.
(1988), Davies et al. (1989), Kokfelt (1998), Doucelance et al. (2003), Escrig et al. (2005) and Hildner et al.
(2011 & 2012).

The variation in MgO wt. % ranges from 5 to 8.5 wt. % in all samples except the sample collected
from the 1847 eruption (CVF 7) that deviates to a higher MgO content of 11.1 wt. % (Table 1, Fig. 4).
The range in TiO2 content was small and varies between 3.4 wt. % in the 1951 sample (CVF 3) to 4
wt. % in the samples CVF 6 and CVF 11 collected from the 1799 and 1816 eruptions. Plotting major
elements (wt. %) versus MgO shows clearly increasing concentrations of SiO2, Al2O3, K2O and Na2O
with decreasing MgO concentrations, whereas TiO2, Fe2O3 and CaO generally decrease with lower
MgO (Fig. 5). For TiO2, Fe2O3 and CaO there is a marked inflection at ~8 to 9 wt. % MgO, from
where they continuously drop with decreasing MgO. When all the literature data is included there is a
linear trend when plotting Al2O3 and Na2O with MgO whereas the other major elements show more
scatter, especially at MgO contents higher than 6 to 8 wt. % (Fig 5). For P2O5, the concentration ranges
from 0.5 to 1.8 wt. % and there is a slight increase with decreasing MgO until ~5 to 6 wt. % MgO
where P2O5 peaks and after which it drops to 0.5 wt. %.
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Figure 5. Bivariate plots of major elements versus MgO (wt. %). Red arrows are modelled fractional
crystallization vectors for a crystallizing assemblage of 20.7 % clinopyroxene, 5.4 % olivine, 4.2 % iron-titanium
oxides and 0.8 % apatite. Blue arrows are vectors for accumulation modelling. The fractional crystallization and
accumulation modelling is further elaborated in the discussion section 4.1.1. *Additional data are from the same
sources as in figure 4. Mineral abbreviations Ol = olivine, Cpx = clinopyroxene and Fe-Ti-Ox = iron-titaniumoxides.
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3.3 Trace elements
Primitive mantle normalized trace element patterns for Fogo lavas show a general enrichment in
incompatible elements with the highest enrichment in Ta, Nb and Ba (Fig 6). There is a slight
depletion in K, Sm and Sr. Large ion lithophile elements (LILE) Ba and Rb are enriched compared to
the high field strength elements (HFSE) Zr, Hf and Ti. The heavy rare earth element (HREE) Yb is
depleted in comparison with the light rare earth elements (LREE) La, Ce, Nd and (MREE) Sm. The
Fogo data included from other studies generally follow the same pattern as the samples from this study
but show a larger variability in enrichment range. The enrichment in incompatible elements is higher
in the Fogo samples than for the HIMU samples from the Austral Islands for most elements except for
Nb, Nd, Ti, Y and Yb where the HIMU samples are enriched to a similar magnitude. The enrichment
patterns for the Fogo samples are similar to that of EM 1 from the Pitcairn Islands, but most elements
are even more enriched in the Fogo lavas. Some exceptions to this are for the elements Hf and Y
where EM 1 is most enriched.

Figure 6. Spiderdiagram with primitive mantle normalized trace elements (Sun & McDonough 1989) for
samples from this study in comparison with additional data from Fogo. * Additional data from; Gerlach et al.
(1988); Davies et al. (1989); Doucelance et al. (2003); Escrig et al. (2005) and Hildner et al. (2012). The mantle
source endmembers HIMU and EM1 are included for comparison and reference data for them are average values
from alkalic basalts from the respective type localities. For HIMU the data are from the Austral Islands
(Namakura et al. 1988; Woodhead 1996; Chauvel et al. 1997; Hanyu et al. 1999; Pfander et al. 2007; Vlastelic et
al. 2009; Konig et al 2011; Nebel et al. 2013; Herzberg et al 2014;), and EM1 data are from the Pitcairn Islands
(Bardintzeff et al.1986; Woodhead & McCulloch 1989; Guillou et al.1990; Salters & White 1998).

The MgO-rich sample from 1847 (CVF-07) stands out from the other samples with higher trace
element content of Ni and Cr at concentrations of 148 (Fig. 7) and 235 ppm respectively. The other
samples from this study have Ni contents of 19 to 83 ppm whereas Cr varies from 26 to160 ppm
(Table 1). Sample CVF-07 also has the highest Sc content with 30.3 ppm compared to the other
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samples where Sc varies from 11.5 ppm (CVF-02) to 29.2 ppm (CVF-09). Data included from other
Fogo studies shows more variation, but follows a similar pattern as samples from this study (Fig. 7).

Figure 7. Decreasing trends of Ni and Sc with decreasing MgO that is consistent with crystallization of olivine
and clinopyroxene. * Additional data from Hildner et al. (2012); Kokfelt (1998).

3.3.1 Trace element ratios
All trace element ratios presented in this section have been corrected for fractional crystallization
using the linear correlation between MgO wt. % and each respective element. The elements were
corrected to their corresponding value at MgO 8.5 wt. % (Klein & Langmuir 1987) as this value can
be considered to represent where the liquid line of descent initiates from, i.e. samples with 8.5 wt. %
MgO represent the most primitive sample and as fractional crystallization goes on MgO content
decreases.
The K/Nb ratio varied from 236 to 280 and Rb/La varied from 0.81 to 0.94, and plotting these
ratios versus indicators for melting variations e.g. La/Sm and La/Yb shows no correlation (Pearson`s R
< Rcritical Ebdon 1985) (Fig. 8 A & B). The ratios of La/Yb varied from 21.2 to 24.6, La/Sm from 4.3 to
5, Sm/Yb from 4.6 to 5.1 and Dy/Yb from 2.8 to 3.2 (Fig 8 C). The ratios of Zr/Y and Zr/Nb show a
variation from 9.8 to 11 and 4 to 4.4, respectively in samples from this study (Fig 8 D). In general
samples included from other studies display more variation than the Fogo lavas from this study.
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Figure 8. Fractionation corrected trace element ratios and variations. The subscript 8.5 indicate a fractionation
correction to MgO 8.5 wt. %. A & B) K/Nb and Rb/La compared with melting parameters. The reference values
in A are primitive mantle value from Dosso et al. (1993) and OIB and HIMU values from Sun & McDonough
(1989). C) La/Yb vs. Dy/Yb with MORB reference value from Barker et al. (2009). D) Zr/Nb vs Zr/Y fields with
ranges of data from Santo Antão (Holm et al. 2006) and Santiago (Barker el al. 2009). E) Ba/Th vs La/Nb
compared to normal mantle value (Chauvel & Hémond 2000). F) Zr/Y vs Sm/Yb. G) Sr/Nd vs La/Nb compared
to normal mantle range (Chauvel & Hémond 2000) H) Ce/Pb vs Ce with comparison lavas from Santo Antão
(Holm et al. 2006) and approximate values for HIMU and EM (Sun & McDonough 1989). *Additional data from
the same sources as in figure 6.

The Fogo lavas from this study have a La/Nb range of 0.67 to 0.75, whereas the additional data
show a larger variability ranging from 0.58 to 1.16, with two samples higher than 1.0 that are both
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from the 1857 eruption (Fig. 8 E & G). For Ba/Th the range of ratios was from 151 to 194 in lavas
from this study and from 106 to 192 in the additional data. Plotting Zr/Y versus Sm/Yb show some
scatter with ratios of 9.8 to 11 and 4.6 to 5 respectively for samples from this study, whereas data
included from other studies scatter more (Fig. 8 F). The ratios of Sr/Nd ranged from 14 to 16 in this
study and 12 to 18 for samples in the additional data. Concerning Ce/Pb the ratio varied from 35 to 42
with a Ce range from ~100 to 125 ppm in samples from this study and as much as 13 to 50 in the
additional data (Fig. 8 H).

3.4 Oxygen isotopes
Whole rock δ18O values were determined for 14 samples in total. The samples were separated between
crystalline (CVF 1 to 6) and glassy groundmass (CVF 7 to 14) and the former have distinctly higher
δ18O values than the latter (Table 2, Fig 9). The samples with glass have δ18O values that range from
5.32 to 5.83 ‰ and compared to an upper mantle value of 5.7 ± 0.3 δ18O ‰ (Ito et al. 1987) and an
analytical uncertainty of ± 0.16 ‰ all glass samples fall within the normal mantle range (Fig. 9).
Samples with a microcrystalline groundmass containing apatite display δ18O values ranging from 6.3
to 6.83 ‰ (Table 2, Fig.9). Apatite fractionates 18O when crystallizing from a nephelinitic melt with
0.84 ‰ (Zhao and Zheng 2003). Correcting for apatite-melt fractionation gave δ18O values that range
from 5.46 to 5.99 ‰ for the calculated melt of the microcrystalline samples (Fig. 9 C). Eruptions that
had both microcrystalline groundmass and glass (2014 & 1951) were after correction compared to a
1:1 line for an equilibrium test and plotted close to the line on both sides of it (Fig. 9 C).
Clinopyroxene crystals have δ18O values that range from 4.81 to 5.37 ‰ (Table 2) and show no
clear trend with their corresponding SiO2 range (~41 to 42 wt. %) (Fig. 9 B). Clinopyroxene
fractionates
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O with -0.71 ‰ when crystallizing from a tephrite melt (Zhao and Zheng 2003) and

correcting for mineral-melt fractionation gave a clinopyroxene melt of 5.52 to 6.08 ‰ (Fig. 9 B),
which was in equilibrium with glass and calculated groundmass (Fig. 9 C).
The olivine crystals has δ18O values that range from 4.94 to 5.93 ‰ (Table 2), and after correction
for mineral-melt fractionation of -0.40 ‰ (Eiler 2001) the olivines has a δ18O value that range from
5.34 to 6.33 ‰, and most olivines are in equilibrium with glass and calculated groundmass melt (Fig.
9 B & C).
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Table 2. Whole rock and mineral separates δ18O ‰ (SMOW) for the samples CVF 1-14. GM = microcrystalline
groundmass, Cpx = clinopyroxene, Ol = olivine. "Melt" notation indicates values after fractionation correction
where groundmass was corrected for apatite fractionation of 0.84 ‰, clinopyroxene of -0.71 ‰ (Zhao & Zheng
2003) and olivine of -0.40 ‰ (Eiler 2001).
Eruption
year

Sample

GM.
(δ18O ‰)

Calc melt
(δ18O ‰)

6.44

5.60

Glass
(δ18O ‰)

2014

CVF 1

2014

CVF 13

5.41

2014

CVF 14

5.83

1995

CVF 2

6.30

1951

CVF 3

6.34

1951

CVF 10

1857

CVF 4

1852

CVF 9

1852

Cpx.
(δ18O ‰)

Cpx. melt
(δ18O ‰)

5.17

5.88

5.28

5.99

5.46

5.06

5.50

Ol.
(δ18O ‰)

Ol. melt
(δ18O ‰)

5.22

5.62

5.77

5.25

5.65

5.14

5.85

5.93

6.33

4.81

5.52

5.01

5.41

4.97

5.68

5.13

5.53

5.53

5.05

5.76

5.06

5.46

CVF 12

5.63

5.31

6.02

1847

CVF 7

5.38

4.84

5.55

5.13

5.53

1816

CVF 8

5.32

5.09

5.80

5.10

5.32

1816

CVF 11

5.45

5.37

6.08

1799

CVF 6

6.55

5.71

4.96

5.67

4.94

5.34

Prehistoric

CVF 5

6.59

5.75

4.97

5.68

5.31

5.71

5.59
6.83

5.99
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Figure 9. Oxygen isotopes for Fogo whole rock samples shown as δ18O ‰ relative to SMOW. The grey field
shows the normal upper mantle range of 5.7 ± 0.3 δ18O ‰ (Ito et al. 1987). A) Fogo samples with a crystalline
groundmass have higher δ18O values than samples with glass and are of similar values as samples from the
Cadamosto Seamount (Barker et al. 2012). Clinopyroxene and most olivine crystals have lower δ18O values than
both glass and crystalline groundmass samples. B) Oxygen isotopes versus SiO2. Apatite crystallization
fractionates 18O with 0.84 ‰ from nephelinitic melts and clinopyroxene with -0.71 % from tephrite melts (Zhao
& Zheng 2003). Olivine fractionates 18O with -0.40 ‰ when crystallizing in picrite melts (Eiler 2001). Rayleigh
fractional crystallization calculated with a fractionation factor, α = 0.9998 (Taylor and Sheppard 1986) and show
a δ18O fractionation of 0.13 ‰ for a SiO2 range of 3 wt. %. C) Equilibrium diagram with apatite corrected
groundmass samples versus glass samples for the 2014 and 1951 eruptions, and mineral-melt corrected
clinopyroxene and olivine crystals compared with glass and calculated groundmass melt. *Fogo gm. =
microcrystalline groundmass. Abbreviations Cpx = clinopyroxene, Ol = olivine, apa = apatite.

4 Discussion
4.1 Magmatic processes
4.1.1 Magmatic differentiation
Major element trends (Fig. 5) show that fractional crystallization and crystal accumulation are
important mechanisms that influence the compositional variations in the Fogo lavas. The studied thin
sections revealed that the phenocryst assemblage is dominated by clinopyroxene followed by olivine
and opaques. The generally decreasing whole rock CaO content with decreasing MgO content (Fig. 5)
is consistent with clinopyroxene crystallization and since there is a small inflection in CaO content at 8
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to 10 wt. % MgO, this probably marks the onset of clinopyroxene as a crystallizing phase (Holm et al.
2006). In samples with higher than 8 to10 wt. % MgO olivine is important in controlling CaO and FeO
variation (e.g. Barker et al. 2009; Holm et al. 2006). In porphyritic lavas phenocryst accumulation can
have a large impact on whole rock chemistry and the major element variations (e.g. Barker et al. 2009)
and it is likely that this is a process responsible for some of the scatter observed in the major element
bivariate plots (Fig. 5). The inflection in P2O5 at around 5 to 6 % MgO is probably due to initiation of
apatite crystallization (Holm et al. 2006). The increasing trends of K2O, Na2O and Al2O3 with
decreasing MgO show that there are no crystallizing phases such as e.g. amphibole, biotite or feldspars
that incorporate these elements at this stage of fractional crystallization. The trace elements Ni and Sc
show decreasing trends with MgO wt. % (Fig. 7) that is consistent with crystallization of olivine and
clinopyroxene where Ni is controlled by olivine fractionation and decreasing Sc is a consequence of
incorporation in clinopyroxene (Barker et al. 2009).
The significance of fractional crystallization as an agent for magmatic differentiation can be
modelled using a mass balance least square model. The model calculates crystallization of olivine,
clinopyroxene (augite), iron-titanium-oxides and apatite, from the most evolved sample (CVF-02;
MgO = 5.25 wt. %) towards the least evolved sample (CVF-09; MgO = 8.48 wt. %), with mineral
chemistry utilized in the modelling setup from a study of the nearby Island of Santiago (Barker et al.
2009). The best fit model was achieved with crystallization of 20.7 % augite, 5.4 % olivine, 4.2 % FeTi-oxides and 0.8 % apatite with a sum of least squares of 0.80 indicated with a crystallization vector
in figure 5. This is in good agreement with the petrographic observations, even though no apatite was
observed in the thin sections, however since only 0.8 % apatite was required to give the least sum of
squares it is possible there are microscopic apatite crystals in the groundmass. In addition, one sample
has 5.25 MgO wt. % that is at the inflection point for P2O5.
The Fogo samples CVF 1-6 have a microcrystalline groundmass with δ18O values that are
significantly higher than samples with glass, which indicates that
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O has likely been fractionated

during crystallization of some or several mineral phases in the groundmass and a potential candidate
that could account for this elevated signature is apatite. Apatite was inferred as a small constituent in
the mineral assemblage (~0.8 %) from fractional crystallization modelling and inflections in P2O5
versus MgO and fractionates

18

O with 0.84 ‰ when crystallizing in a nephelinitic liquid (Zhao &

Zheng 2003). Correcting for apatite fractionation gave δ18O values in the calculated melt (5.46-5.99
‰) that are all within a normal upper mantle range (5.7 ± 0.3 ‰ Ito et al. 1987). Since all calculated
melt and glass δ18O values are within normal upper mantle value any significant crustal assimilation of
the Fogo lavas seem unlikely. By plotting the corrected groundmass samples versus glass for the
eruptions where

18

O data were available for both groundmass and glass, i.e. the 2014 and 1951

eruptions (Table 2), gave a small scatter close to the 1:1 line (Fig. 9 C). This implies that the
calculated groundmass melts and the glass was close to isotopic equilibrium and thus the choice of
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correction for apatite fractionation is valid, confirming that apatite is involved in fractional
crystallization.
Apatite fractionation is not necessarily a unique explanation for the elevated δ18O values in the
crystalline groundmass. Microcrystals of nepheline were also observed in several thin sections and
nepheline fractionates 18O with 0.55 ‰ when crystalizing in a nephelinitic melt and could thus cause
some of the elevated groundmass δ18O (Zhao & Zheng 2003). Using nepheline fractionation correction
yield a less convincing equilibrium test when comparing samples from the 2014 and 1951 eruptions
that had both groundmass and glass, and thus apatite correction is favored. Another factor worth
considering is the Fe-Ti-oxide content in the Fogo lavas as e.g. ilmenite and magnetite both fractionate
O to lower values (mineral-melt δ18O fractionation, ilmenite -3.15 ‰, magnetite – 2.83 ‰, Zhao &
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Zheng 2003) and hence the occurrence of these mineral phases in the groundmass may mask low
temperature alteration processes that yield higher δ18O values (e.g. Donoghue et al. 2008; Deegan et al.
2012). This will be further discussed in section 4.1.2.
Sample CVF 7 from the 1847 eruption has a higher MgO content than the other samples with 11.1
wt. % and was visually estimated by area in the petrographic studies to contain ~10 % olivine and ~30
% clinopyroxene which is the highest phenocryst content of all studied thin sections. The high MgO
and phenocryst content in this sample are probably a result of phenocryst accumulation. This was
tested using a simple accumulation model. The average MgO content for all samples (CVF 7
excluded) was ~7 wt. %, and since it is unknown at what point along the liquid line of decent
accumulation of phenocrysts occurred (i.e. at which MgO content crystals were added), the average
MgO of 7 wt. % was arbitrarily chosen as a starting point for the accumulation modelling. Similar to
the fractional crystallization modelling, mineral chemistry from Santiago (Barker et al. 2009) was
applied. The accumulation model predicted that an addition of ~18 % clinopyroxene and ~5 % olivine
would produce a whole rock MgO similar to CVF-07 (11.1 wt. %) and adding this amount to half the
phenocryst assemblage (at ~7 wt. % MgO) calculated by the fractional crystallization model gave a
total olivine and clinopyroxene content of 8 % and 28 % respectively, which is close to the estimate
from the petrographic observations.
The clinopyroxene crystals have low δ18O (4.81-5.37 ‰) and the best equilibrium result compared
to glass and calculated groundmass δ18O was achieved using a correction of mineral-melt fractionation
of -0.71 ‰ as from a tephrite melt (Zhao & Zheng 2003) (Fig. 9). In addition, this put the
clinopyroxene melt in normal upper mantle range. Most olivine crystals have a restricted δ18O range
(4.94 to 5.31 ‰) except one from the 1951 eruption (CVF 3, table 2) that deviates to a higher value
(5.93 δ18O ‰). The best equilibrium result for olivine mineral-melt correction was achieved using 0.40 ‰ as of a picrite melt (Eiler 2001), and could further be motivated by assuming high forsterite
content in olivines (Fo 81.5-82) from Fogo as has been shown by Hildner et al. (2011).
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4.1.2 Alteration processes
Alteration processes can cause significant variations in

18

O isotopes in lavas, and it was shown by

Donoghue et al. (2008, 2010) by studies of altered rocks from the Tejeda Caldera (Canary Islands) that
significantly higher and lower δ18O values compared to unaltered rocks result from alteration
processes. Low δ18O (~0 to 5 ‰) values was the result of high temperature (> 150 to 300°C)
alteration, whereas high δ18O (~ +7 to 10 ‰) was the result of low temperature (< 150°C) alteration
(Donoghue et al. 2010). These alteration processes also lead to significant mobilization of fluid mobile
elements (LILE, e.g. Sr, Rb and K) and hence they displayed a large scatter when plotted against fluidimmobile elements or a proxy for magmatic differentiation such as SiO2 (Donoghue et al. 2008). In the
Fogo lavas the LILE show linear correlations, and increase with decreasing MgO (wt. %) which
indicate a primary control of their variation from magmatic differentiation (Fig. 10 A). Further, the
LILE scatter somewhat when plotted versus δ18O (Fig 10 B), but they show no trends with increasing
or decreasing concentrations for samples with higher δ18O values, i.e. groundmass samples, as may be
expected if they had been subjected to hydrothermal alteration (Donoghue et al. 2008).

Figure 10. Primitive mantle (PM) normalized (Sun & McDonough 1989) fluid mobile elements (LILE) versus
A) MgO (wt. %) and B) δ18O ‰ in the groundmass and glass.

In addition, the Fogo samples are all very fresh as almost no weathered rock fragments were
observed during the sample preparation and they have a low volatile content (< 1 % LOI, Table 1). An
elevated volatile content from H2O would be expected if the lavas had been subjected to low
temperature alteration through the interaction with meteoric water (e.g. Donoghue et al 2008; Deegan
et al 2012). If the groundmass has been subjected to low temperature alteration then it must be quite
discrete as the LILE are not mobilized and the volatile content is low. Another conundrum when
considering alteration as an explanation for the elevated groundmass δ18O is that the samples for the
2014-2015 eruption were collected within a few months after the eruption, and there is still a
significant δ18O difference between the glass and groundmass (table 2) which is difficult to explain by
alteration alone.
Considering these factors together make any significant alteration processes as an explanation for
the elevated δ18O values in the groundmass unlikely and it is probably a combination of apatite,
nepheline fractionation in combination with removal of low δ18O Fe-Ti-oxides plus potentially
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discrete low temperature alteration from meteoric water. The δ18O variation in the Fogo lava mineral
separates is however most likely to be a consequence of variations in the magma (e.g. Harris et al.
2015; Gurenko et al. 2011) and a discussion thereof follows in subsequent paragraphs.

4.1.3 Magma mixing
There is some evidence that magma mixing and magma recharge are factors of petrogenetic
significance in the Fogo lavas. In the studied thin sections clinopyroxene phenocrysts often show
complex zonation patterns such as oscillatory zoning (Fig. 3) and some euhedral clinopyroxenes had
rounded or embayed cores, which is an indicator of disequilibrium between the melt and the crystal
(Dobosi 1989; Allégre et al. 1981). Brown amphiboles with reaction rims were observed in a few thinsections as well as minerals with breakdown textures of what could have been amphiboles. These are
interpreted to be xenocrysts brought into the existing melt during a magma recharge or mixing event
and subsequently degraded.
Hildner et al. (2012) made similar petrographic observations, including complex zonation patterns
and rounded embedded cores in euhedral clinopyroxenes when studying historic and prehistoric
eruptions from Fogo and interpreted them to be caused by mixing of melts. Particularly the
observation of resorbed rounded cores in clinopyroxenes is a strong indicator for magmatic evolution
in several stages that include temporary mineral-melt disequilibria (Hildner et al. 2012).
Several trace element ratios in the Fogo lavas display large variations, especially Zr/Y in the 1951
eruption that vary from ~9.5 to 12 with a MgO range of ~5-8.3 wt.%, which also could be an indicator
for magma mixing. As clinopyroxene crystallize it can potentially fractionate Zr/Y toward higher
ratios, but these Zr/Y ratios are fractionation corrected and therefore the variation is not due to
fractional crystallization. Lava from the neighboring island of Santiago has a similar variation in Zr/Y
as the Fogo lavas and Barker et al. (2009) argue that it is probably due to mixing of melts produced
under different conditions as there are poor correlations with Pb isotopes and that Zr/Y vary equally
through the corresponding MgO range.

4.2 Mantle source and melting
Various trace element ratios can be used to constrain melting systematics and variations in mantle
source lithology (e.g. Stracke & Bourdon 2009; Barker et al. 2009, 2010, 2012, 2014; Holm et al.
2006). In addition TiO2 content can be used as an indicator of pyroxenite in the source (Prytulak &
Elliott 2007). First mantle source lithologies and how trace element ratios can be used to determine
the presence of pyroxenite and peridotite in the source will be discussed as well as how the presence of
garnet in the melting region can be constrained. Further, a simple batch melting model from Rollinson
(1993) adapted to Ito & Mahoney (2005) has been utilized in order to try to determine the degree of
partial melting that give melts with the high enrichments in trace elements observed in the Fogo lavas.
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Finally the possible contribution of the mantle source endmembers HIMU and EM 1 and their
respective involvement in the generation of the Fogo lavas are discussed.

4.2.1 Source lithology
The trace element ratios Ba/Th, Sr/Nd and La/Nb are useful to determine whether the source lithology
for the lavas was primarily peridotite or pyroxenite since these are among few elements that display
difference in partition behavior (Stracke & Bourdon 2009). If melts are mixed from a heterogeneous
source the resultant chemical composition in the produced melt is not only a reflection of the source
but also to what degree the differences are homogenized or averaged in the mixing process (Stracke &
Bourdon 2009). Highly incompatible element ratios vary little with progressive melting, which means
that the element ratios do not depend on mineral-melt partition behavior between peridotite and
pyroxenite to a large extent but rather the source composition itself (Stracke & Bourdon 2009).
The Fogo lavas are significantly higher in Ba/Th (~100-200) than the normal mantle range (~65 to 75)
(Fig. 8 E). Barium is more compatible than Th in pyroxenite and more incompatible than Th in
peridotite, therefore a high Ba/Th ratio can be produced by either melting of a Ba-enriched source such
as pyroxenite or by low degree melting of peridotite (Stracke & Bourdon 2009). In addition melts
deriving from a garnet bearing pyroxenite will likely have none or small excess of Th, whereas melts
derived from garnet peridotite will have a large Th excess, depending on melting and upwelling rate
(Stracke & Salters 1999).
The Sr/Nd ratios in Fogo lavas mostly plot within a normal mantle range (Fig. 8 G). Strontium is
significantly more incompatible than Nd in pyroxenite whereas they hardly fractionate at all during
peridotite melting. This means that if peridotite was the source for the Fogo lavas it would have to
have a Sr/Nd ratio with similar composition to peridotite. The primitive mantle has a Sr/Nd ratio of
~15 (Sun & McDonough 1989) and when compared to the Fogo samples (Sr/Nd ~12 to 18 Fig. 8 G)
an enriched source such as pyroxenite would likely be required to explain the highest values.
For the Fogo lavas La/Nb ratios plots below 1 (0.58 to 1.16) for all samples except two (Fig. 8)
and a La/Nb ratio of less than 1 is considered to be a strong indicator for pyroxenite in the source
(Stracke & Bourdon 2009). This is mainly due to two reasons: 1) there is a difference between
pyroxenite and peridotite melting in that La and Nb have opposing partition behavior, and therefore
peridotite melts have higher La/Nb than the source composition, and 2) few sources other than
pyroxenite melts have a La/Nb < 1 (Stracke & Bourdon 2009). Furthermore both Ba/Th and Sr/Nd
ratios shows increasing trends with decreasing La/Nb (Fig. 8 E & G), which is consistent with an
increasing amount of pyroxenite in the source at lower La/Nb ratios.
The neighboring island of Santiago has a slightly lower La/Nb (0.54 to 0.76, Barker et al. 2010)
than Fogo and lavas from the Island of Santo Antão (0.6 to 1.1, Holm et al. 2006). If comparing La/Nb
and Sr/Nd ratios with OIB from the islands of St. Helena, Gough and Tristan da Cunha in the southern
Atlantic Ocean, Fogo lavas are similar to Gough (La/Nb ~0.7 to 1.3; Sr/Nd ~12 to 22) and lavas from
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Tristan da Cunha (La/Nb ~0.7 to 0.95; Sr/Nd~15 to 22), whereas St. Helena lavas show slightly lower
ratios and smaller variation (La/Nb ~0.6 to 0.8; Sr/Nd ~12 to 19) (Stracke et al. 2004; Willbold &
Stracke 2006).
If comparing the Fogo lavas Ba/Th ratios with OIB from St. Helena, Gough and Tristan da Cunha
the Fogo lavas show similar ratios as Gough (~120 to 200) whereas OIB from St. Helena and Tristan
da Cunha are slightly lower in Ba/Th with ~60 to 80 and ~50 to 140 respectively (Stracke et al. 2004;
Willbold & Stracke 2006).
In addition to the above trace element ratios, TiO2 can be used to infer the importance of pyroxenite
as a source lithology (Prytulak & Elliot 2007). Many OIB have a TiO2 content that are too high to be
produced from melting of a single depleted mantle source, even at very low degrees of partial melting,
and therefore the involvement of a Ti-enriched component in the source must be invoked (Prytulak &
Elliot 2007). The Fogo lavas, including the literature data, have a TiO2 content that ranges from ~3.5
to 4.5 wt. % in the MgO range of ~8 to 9 wt. %. The Ti concentration in depleted MORB mantle and
primitive mantle are at ~700 and ~1300 ppm respectively, and a peridotitic mantle source should have
a Ti-concentration in between these values (Prytulak & Elliott 2007). For example an OIB with TiO2
of 3 wt. % produced by 1 to 5 % degrees of melting in the garnet stability field would require a source
concentration with Ti of ~1700 to ~2300 ppm (Prytulak & Elliott 2007, their figure 5). Hence an
enriched component is needed to be added to the source.
Fogo lavas contain TiO2 in similar concentrations to lavas from Santiago (~3 to 5 wt. % at ~10 wt.
% MgO, Barker et al. 2010) and Santo Antão (~3 to 5.5 wt. %, Barker et al. 2014). Barker et al. (2014)
concluded that a mixed peridotite-pyroxenite-eclogite source is the most likely explanation for several
of the geochemical features, including the high TiO2 concentration, observed in the Cape Verde
archipelago. Further discussion on mantle source endmembers and their importance in the Fogo lavas
follows in section 4.2.5.

4.2.2 Fractionation of rare earth elements
Amphibole and garnet both incorporate REE such as for example the MREE Dy and the HREE Yb,
but if melting occurs with amphibole in the source the Dy/Yb ratio decrease whereas the presence of
garnet increases the ratio (Davidson et al. 2012). Garnet incorporates HREE more than MREE as Yb is
more compatible than Dy in garnet (Rollinson 1993) and when small degrees of partial melt occur
with garnet in the source Dy is released to a higher extent which leads to higher Dy/Yb ratios. Because
of this the Dy/Yb ratio can be used as an indicator of garnet in the source (e.g. Davidson et al. 2012)
and a combination of La/Yb and Dy/Yb ratios have been used to constrain extent of melting and
amount of residual garnet in the source (Rogers et al. 2006). For the Fogo samples the ratio of Dy/Yb
varies from ~1.9 to 3.7 and shows a positive trend with La/Yb (Fig. 8 C). The relatively small
variation in Dy/Yb ratio indicates a continuous presence of garnet because if garnet were to melt
completely the ratio would decrease as Yb is being released. Compared with lavas from Santiago
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where Dy/Yb range from 2.8 to 3.3 (Barker et al. 2009) the Fogo lavas overlap and almost reach as
high ratios as the northern islands in the archipelago that range in Dy/Yb from ~ 3 to 4 (Holm et al.
2006). The Dy/Yb in the Fogo lavas is fairly low compared to global OIB values that range from ~2.5
up to as high as 12 in samples from Samoa, which reflects the range of importance of garnet in the
source for OIB (Davidson et al. 2012).
If melting would occur at lower pressures in the spinel stability field (< 3 GPa) garnet would not
be a stable phase in the source and significant REE fractionation would not likely be found in the lavas
(e.g. Holm et al. 2006; Rogers et al. 2006). In the Fogo lavas K/Nb ratios range from similar to higher
values to MORB and OIB (~250 Sun & McDonough 1989) but scatter significantly when plotted
against a melting parameter such as La/Sm (Fig. 8 A). Concerning Rb/La ratios (~0.8 to 1.4) likewise
no correlation is shown with melting when plotted versus La/Yb and the Rb/La ratios are of similar
magnitude to primitive mantle (~0.93, Sun & McDonough 1989). The high values of K/Nb and Rb/La
and their lack of correlation with melting parameters is an indicator that there is no phase such as for
example amphibole or phlogopite present in the source (Barker et al. 2009, 2010; Holm et al. 2006). If
amphibole and phlogopite would be residual phases in the source K/Nb and Rb/La ratios would likely
be lower and potentially correlate with a melting parameter as K and Rb are more compatible in these
phases (Barker et al. 2009, 2010; Holm et al. 2006).
The presence of amphibole or phlogopite would also require melting of a source within the oceanic
lithosphere (Class et al. 1998) and this is inconsistent with most of the lavas in the Cape Verde
archipelago displaying a significant LREE-enrichment that indicates residual garnet in the source
(Gerlach et al. 1988). Additionally, there don’t seem to be much variation in terms of melting depth
throughout the archipelago (Holm et al. 2006; Barker et al. 2009). Together these geochemical
indications further support the argument that melting for the Fogo lavas predominantly took place at
high pressures in the mantle garnet stability field.

4.2.3 Melting model
Since the Fogo lavas are highly enriched in incompatible elements (Fig. 6) and trace elements are
fractionated by melting it is relevant to model melting conditions. In this section a simple melting
model is used in order to test some possible melting scenarios and contribution from peridotite and
pyroxenite source lithologies in order to explain the Fogo lavas enriched character.
The melting model utilized here is a simple batch melting model from Rollinson (1993) following
the general setup of Ito & Mahoney (2005) as a method to calculate trace element compositions in
lavas generated by melting of a source with a heterogeneous lithology. Melting of three mantle
lithologies; depleted mantle (DM), enriched mantle (EM) peridotite and pyroxenite (PX) are simulated
under a thermodynamically constant situation from equilibrium batch melting, and each of these
lithologies has a distinct trace element composition (Table 3). One key assumption is this model is that
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enriched mantle peridotite and pyroxenite start melting at deeper depths than depleted mantle
peridotite (Ito & Mahoney 2005).
Pyroxenite has a large range in solidus temperature, which means that the onset of melting of
pyroxenite can range from significantly deeper up till depths similar to where depleted mantle
peridotite starts melting depending on temperature and pressure (Stracke & Bourdon 2009). In this
case however all melting is assumed to occur in the mantle garnet stability field > 3 GPa (see
discussion on K/Nb, Rb/La, section 4.2.2). Mineral proportions for the bulk starting solid and mineralliquid partition coefficients used in the modelling followed the recommendations of Ito & Mahoney
(2005) and are listed in table 3.
Five trace elements where used in the melting model (Sm, La, Sr, Nd and Pb) and the minerals
olivine, orthopyroxene, clinopyroxene and garnet were assumed constituents in the starting solid.
Following Ito & Mahoney (2005) the source composition is considered to be 90 % DM peridotite, 5 %
EM peridotite and 5 % PX. The EM component melts first and initially controls 100 % of the element
enrichment. At approximately 1 % melting PX starts to melt and contributes to the element
composition with a 50/50 composition together with the EM component, and at 7 % melting DM is
assumed to start melt, from where the full source composition is contributing to the trace element
concentration in the melt (Fig. 9).
The melting curves produced are shown as primitive mantle normalized values (Sun &
McDonough 1989) and were compared with the Fogo samples (CVF 1-12). For simplicity only the
maximum and minimum values of the Fogo samples was chosen and plotted on the respective melting
curves and all other samples fall in between these values (Fig. 9). The degree of melting needed to
explain the enrichment for the elements La, Sr and Pb was from approximately 2 to 5 % whereas Nd
concentrations could be produced at slightly lower melt degrees of just below 1 % to just above 2 %.
For Sm the melting model with the initial setup failed to explain the high enrichment in the Fogo
samples. The source lithology with the highest Sm content was PX with a primitive mantle normalized
value of 6.97 (Table 3). In the modelling setup PX consists of 78 % clinopyroxene, 18 % garnet and 4
% orthopyroxene and since Sm has the highest mineral-liquid partition coefficient of all the modelled
elements in both clinopyroxene and garnet not even 100 % PX melting could produce melts with high
enough values to explain the Fogo samples enrichment. Ito & Mahoney (2005) chose one single
source composition for each source in order to reduce the amount of variables when developing their
melting model, but they do clearly explain that the source composition is of fundamental importance
in controlling the chemistry of the produced melt.
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Table 3. Setup for the melting model with assumed mantle source lithology compositions (Ito & Mahoney 2005)
normalized to primitive mantle values (Sun & McDonough 1989). Mineral proportions assumed in the starting
solid and mineral-liquid partition coefficients from (Ito & Mahoney 2005).

Element

Depleted Mantle

Enriched Mantle

Pyroxenite

La

0.40

1.64

6.40

Pb

0.55

1.61

2.34

Sr

0.59

1.57

5.67

Nd

0.74

1.28

7.46

Sm

0.84

1.00

6.97

Mineral proportions (%) assumed for bulk starting solid
Source lithology

Olivine

Orthopyroxene

Clinopyroxene

Spinel

Garnet

Garnet peridotite

59.8

21.1

7.6

0.0

11.5

Pyroxenite

0.0

4.0

78.0

0.0

18.0

Mineral-liquid partition coefficients
Element
La

3.1 × 10-5

9.0 × 10-3

5.4 × 10-2

1.0 × 10-2

6.4 × 10-3

Pb

1.0 × 10-4

1.0 × 10-3

8.0 × 10-2

2.0 × 10-2

1.0 × 10-2

Sr

1.5 × 10-3

5.1 × 10-4

8.0 × 10-2

3.0 × 10-2

3.0 × 10-2

Nd

4.2 × 10-4

1.2 × 10-3

1.9 × 10-1

1.0 × 10-1

1.0 × 10-2

Sm

1.0 × 10-3

2.0 × 10-2

3.0 × 10-1

1.0 × 10-2

4.0 × 10-1

In order to test a scenario of whether the Sm enrichment in the Fogo samples could be explained a
higher primitive mantle normalized Sm value of 10 was utilized, as well as a melt contribution of 100
% PX in the range of 1 to 2 % degree of melting (Fig. 9). This model setup gave a melting curve
where the Fogo samples Sm enrichment could be explained with a degree of melt at 2 to 5 %, which is
of a similar magnitude to the other elements. This is however only speculation to test a possible
scenario where this simple model explains the Sm enrichment in the Fogo lavas but the actual
mechanisms is unknown and there may be other solutions as well.
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Figure 11. A batch melting model adapted to Ito & Mahoney (2005) with a heterogeneous source lithology
consisting of 90 % depleted mantle peridotite, 5 % enriched mantle peridotite and 5 % pyroxenite. Source
composition, mineral proportions in the starting solid and mineral-liquid partition coefficients are listed in table
3. The results are shown as primitive mantle normalized values (Sun & McDonough 1989) compared with
minimum and maximum values for the Fogo samples (CVF 1 to 12). 1) Initially 100 % enriched mantle melt
control the enrichment, 2) at 1 % degree melt pyroxenite melting initiates and 3) at 7 % melt degree the full
source composition melt (Ito & Mahoney 2005). * The dotted Sm line show the melting curve for Sm with an
initial source composition of 10 compared to the dashed Sm curve with a starting composition of 6.97 (Table 3).
See text for discussion. Abbreviations; EM = enriched mantle, PX = pyroxenite, DM = depleted mantle.

4.2.4 Implications for melting
In this section variations in melting systematics based on trace element ratios commonly used to
constrain melting systematics e.g. La/Sm, La/Yb, Sm/Yb and Dy/Yb will be discussed. The basic
premises for plotting element ratios in order to investigate melting differences are that the
incompatible elements display a large difference in solid-liquid partition coefficients (highly over
moderately incompatible elements such as for example La/Sm and La/Yb) (Stracke & Bourdon 2009).
The relatively high values and small range of these element ratios in the Fogo lavas are consistent
with a OIB setting where lavas are produced by a small degree melting at high pressures underneath a
thick oceanic lithosphere, compared to a mid ocean ridge basalt (MORB) setting with a thinner
lithosphere where melting occurs at larger pressure ranges and to a higher degree that typically
produce lavas with both lower ratios and a larger range for these element ratios (Stracke & Bourdon
2009). By comparing lavas from Fogo with OIB from islands in the southern Atlantic Ocean, Fogo
lavas displayed a range of ratios of La/Sm (~ 3.5 to 5), Sm/Yb (~ 3.5 to 6.3) and La/Yb (~ 15 to 27)
that are all of similar magnitude to OIB from St. Helena (La/Sm ~3.5 to 5.5; Sm/Yb ~3.2 to 4.2;
La/Yb ~10 to 25), Gough (La/Sm ~3.6 to 5.4; Sm/Yb ~3.8 to 6.4; La/Yb ~15 to 35) and Tristan da
Cunha (La/Sm ~3.4 to 7; Sm/Yb ~5 to 6.4; La/Yb ~20 to 38) (Stracke et al. 2004; Willbold & Stracke
2006).
From the melting model in section 4.2.3 a La/Sm melt curve could be produced (Fig. 12) and when
plotting the fractionation corrected La/Sm ratios on this curve corresponding degrees of melting (%)
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could be produced for each eruption. The samples for this study (CVF 1to12) have La/Sm ratios
corresponding to ~2 to 3.5 % degree of melting, whereas the additional data show a larger range in
melt degree that range from ~ 2.5 to 6 %. Most eruptions however could be produced by less than 4.5
% melt, since there are only two samples with a melt degree of 5.5 and 6 %.

Figure 12. Melting curve for La/Sm compared with fractionation corrected La/Sm ratios for Fogo lavas. *
Additional data from Hildner et al. (2011 & 2012); Escrig et al. (2005); Doucelance et al. (2003) and Kokfelt
(1998).

How does the results of the melting model compare to some general assumptions on degrees of
melting? Alkali basalts are generally assumed to be generated by low degrees of partial melt in the
range of ~5 to 15 %, whereas melting modelling for alkali OIB that are highly enriched in
incompatible elements often results in as low as ~2 to 10 % degree of melting (Wilson 2007). Mid
ocean ridge basalts are believed to be produced from a mean melt degree of ~10 % (e.g. Klein &
Langmuir 1987) and for comparison with lavas from another hotspot, Hawaii lavas are believed to be
produced by ~5 % melting (McKenzie & O´Nions 1991). Therefore the modeling results that most of
the Fogo lavas can be produced by a melt degree of ~2 to 4 % seems reasonable.

4.2.5 Source endmembers
The Cape Verde archipelago display distinct differences in terms of Pb, Sr and Nd isotopes, yielding
archipelago scale chemical heterogeneities (e.g. Gerlach 1988; Davies et al. 1989; Barker et al. 2009,
2010, 2012 Holm et al. 2006). These differences have been ascribed to the various involvements of
mantle source endmembers in the underlying mantle plume, where the northern island chains chemical
character is the result from mixing of a local DMM and a HIMU-like component and the southern
island chain shows involvement of an EM 1 like component in addition to HIMU but no DMM
(Barker et al. 2012). Barker et al. (2014) were able to quantify the various contribution of the HIMUlike, local DMM and EM 1-like source endmembers involved in the Cape Verde lavas by using minor
elements in olivine cores. They found that the DMM melt had a significant contribution of peridotitic
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melt, the EM 1-like component had a mixture of peridotite-pyroxenite-eclogite melt, and the HIMUlike component comprised a wide range from an even mix of peridotite-pyroxenite towards melts
dominated by eclogite (Barker et al. 2014).
Using trace element ratios alone in order to distinguish between mantle source endmembers is not
the best approach as even though there are some average differences between HIMU and EM 1 shown
in a spiderdiagram (Fig. 6), trace element ratios tend to overlap thus making it hard separate the source
endmembers clearly. There are some differences observed between the Island of Santo Antão in the
northern island chain and the island of Santiago in the southern island chain for the trace element ratio
Zr/Nb (Fig. 8 D). In terms of Zr/Nb the Fogo lavas mostly plot between Santiago (Zr/Nb ~2.5 to 4.5,
Barker at al. 2009) and Santo Antão (Zr/Nb ~4.5 to 6.5, Holm et al. 2006), with most Fogo samples
having a Zr/Nb ratio of ~4 to 5, even though the data scatter and some samples plot at higher or lower
ratios (Fig. 8 D).
The ratio of Ce/Pb tends to differ between EM and HIMU mantle source endmembers. The EM
endmembers has an average Ce/Pb ratio of ~20 which is lower than the mean mantle value of ~25
whereas HIMU typically has a ratio of ~35 (Hofman et al.1986; Sun & McDonough 1989; Chauvel
1992).). The lavas from Fogo have a Ce/Pb ratio that displays a quite large range from ~13 to 50 even
if most lavas plot in the range of ~20 to 45. Compared to the northern island of Santo Antão (Ce/Pb
~28 to 63, Holm et al. 2006) that also show a large variation, Fogo lavas have lower Ce/Pb ratios (Fig.
8 H).
Considering Zr/Y ratios, lavas from Fogo show a wide and similar range (Zr/Y ~9 to 12) to the
islands of Santo Antão (Zr/Y ~9 to 15, Holm et al. 2006) and Santiago (~9 to 16, Barker et al. 2009)
and therefore overlap (Fig. 8 D). Further, in lavas from Santiago Barker et al. (2009) noticed that lava
with an affinity to an EM 1-like source had higher Zr/Y (~15 to 16) than lavas derived from a HIMUlike source (Zr/Y ~9) but also that there were a large variation between these endmembers depending
on variations in melting and mixing of melts (Barker et al. 2009).
The Fogo lavas have a δ18O in glass and calculated groundmass melt that vary within the normal
upper mantle range and one question is whether this variation could be ascribed to various
involvements of the mantle endmembers HIMU and EM 1? The HIMU-like endmember is considered
to be a product of recycled oceanic crust with low δ18O as a result of hydrothermal alteration compared
to normal upper mantle values (δ18O = 5.7 ±0.3 ‰, Ito et al. 1987), whereas the origin of the EM
mantle endmembers are less well understood and there are several hypotheses concerning their
formation (Eiler et al. 1997). One hypothesis for the distinct chemical character of the EM
endmembers is involvement of sediments that are high in δ18O and this would presumably raise the
δ18O value in EM endmembers. This is however not uniformly observed in lavas from typical EM 1like islands such as the Pitcairn and Kergulen islands were olivine crystals show δ18O values that vary
within the normal upper mantle range (Eiler at al. 1997).
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Olivine crystals from this study show a δ18O range of 4.94 to 5.93 ‰ that is similar to olivines from
the Canarian islands that display a δ18O range from 4.6 to 6.1 ‰ (Gurenko et al. 2011). This relatively
large range in olivine δ18O values has been ascribed to variations in the mantle source due to various
contributions from a HIMU-like mantle source, as well as mixtures of pyroxenite melts with a large
range in δ18O (Gurenko et al. 2011). Given the δ18O variations in lavas from the Canary Islands that
are assumed to be a result of various contributions from DMM, HIMU and EM 1-like mantle sources,
the variations observed in the Fogo lavas glass and calculated melt likely have a similar explanation as
they comprise the same mantle source endmembers.
Considering all these geochemical properties the Fogo lavas from this study are in good agreement
with previous studies (e.g. Gerlach et al. 1988; Barker et al. 2012) in that the HIMU-like component is
present throughout the Cape Verde archipelago whereas the EM 1-like component are present in the
southern islands. Therefore the Fogo lavas show trace element signatures as well as δ18O signatures
that can be ascribed to a mixture of both these source components.

4.3 Temporal variation
The following sections summarize some of the geochemical features discussed above for the Fogo
lavas from a temporal perspective, starting with magmatic differentiation followed by melting
variations, source and mantle source endmember variations, and last a brief comparison with some
neighboring islands in the Cape Verde archipelago. As mentioned before the time scale for this study
start with one prehistoric sample of unknown age (CVF 5) followed by samples from historic
eruptions in 1760 and 1785 from Kokfelt et al. (1998). The oldest eruption that has been determined
for age used in this study is from the 1799 eruption (CVF 6) and after that each eruption until the most
recent one in 2014-2015 is included.
Considering magmatic differentiation trends the highest average MgO content is found in samples
from the1847 eruption with ~ 9 wt. % (Fig 13). The temporal trend shows that the prehistoric eruption
had, from Fogo´s perspective intermediately evolved lava (MgO ~7.7 wt. %) that changed with time to
more evolved compositions in the 1760 eruption. After this the trend change to more primitive
compositions in the middle of the 19th century and after the 1847 eruption the trend goes back to more
evolved compositions for the 1995 and 2014 eruptions (MgO ~5.5 & 6.3 wt. % respectively). The
general trend for Ni follows the same pattern as MgO through time with a peak at 1847, and since Ni
is compatible in Olivine (eg. Holm et al. 2006) this could be expected. The sample from 1847 that is
highest in MgO (~11 wt. %) also show a maximum in Ni (~150 ppm) that follows from olivine
accumulation which could be confirmed by accumulation modelling (section 4.1.1) as well as
petrographic observations.
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Figure 13. Temporal variations in MgO (w.t. %), Ni and Sc (ppm). *Additional data from Kokfelt et al. (1998);
Doucelance et al. (2003); Escrig et al. (2005) and Hildner et al. (2011 & 2012). Abbreviations; Ol = olivine, Cpx
= clinopyroxene.

Concerning Sc, that is controlled by clinopyroxene crystallization (eg. Holm et al. 2006) the
concentrations are undulating between ~18 to 30 ppm starting with the prehistoric sample at ~26 ppm
to the 1857 eruption with ~23-29 ppm. For the 1951, and 1995 eruptions there is a larger scatter in Sc
with ~17 to 34 and 4 to 28 ppm respectively and the higher values are likely from clinopyroxene
accumulation. This could be confirmed for the 1847 eruptions through both modelling and
petrographic observations. For the 1852 eruption with a high Sc content clinopyroxene was almost as
abundant as the 1847 sample that has undergone accumulation but with less MgO content which,
reflects the differences in clinopyroxene versus olivine accumulation processes. For the 1857, 1951
and 1995 eruptions with high Sc content no thin sections was available so clinopyroxene accumulation
cannot be verified, but given the general porphyritic nature of Fogo lavas it a probable explanation
(Hildner et al. 2011 & 2012).
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Figure 14. Temporal variation figure with melting parameters (degree of melt %), La/Sm ratio and Dy/Yb ratio.
The subscript of 8.5 indicate correction for fractional crystallization to MgO 8.5 wt. %. *Additional data from
the same sources as in figure 13. Abbreviation, Grt = garnet.

The Fogo lavas are produced by small degrees of partial melt and the result of the melting model
(Fig. 11 & 12) suggests a range from ~2 to 6 % degree of melt. The largest range in degrees of melt is
found in lavas from the 1951 eruption that cover this full range (Fig. 14). The other eruptions display
an undulating pattern through time varying between ~2 to 4 % degree of melt and the lowest values
are found in lavas from the 1852 eruption. The ratios of La/Sm mirrors the melting degree temporal
variation pattern to a great extent with drops in La/Sm ratio for the samples with the highest degrees of
melting in the 1951 eruption and the highest ratios for samples with low degrees of melt. Concerning
the temporal variation in Dy/Yb it remains very consistent through time and highlights the constant
importance of garnet in the source (Fig. 14). There are some eruptions that deviate, for example the
1785 eruption with a wide range in Dy/Yb of 1.9 to 3.3 that correspond to a narrow La/Sm ratio of 4.3
and 4.4, respectively, which indicate that it is not a melting induced variation. The low Dy/Yb in the
1785 eruption is probably due to a lower percentage of residual garnet in the source.
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Figure 15. Temporal variations of source related features with Ce/Pb, La/Nb and TiO (wt. %). The subscript of
8.5 indicate correction for fractional crystallization to MgO 8.5 wt. %. *Additional data from the same source as
in figure 13.

The ratios of La/Nb vary from ~0.6 to 0.9 for most eruptions and therefore show a constant
presence of pyroxenite in the source (Stracke & Bourdon 2009), with the exception of the 1857
eruption that has some samples with La/Nb > 1 which indicate a higher proportion of peridotite (Fig.
16). Likewise, TiO2 content are uniformly high (>3 wt. %) for all eruptions except in three samples
from the 1995 eruption and mirrors the undulations of La/Nb well, with the exceptions of the 1857 and
1995 eruptions. The low TiO2 samples from the 1995 eruption are from more evolved early erupted
lavas (Hildner et al. 2012) with corresponding MgO contents of ~2.4 (wt. %) (Fig. 13), and therefore
do not reflect variations in the source, but, rather the consequence of fractional crystallization.
The ratios of Sr/Nd, that can be ascribed to variations in source lithology (Stracke & Bourdon
2009), is undulating through time, but mostly within the normal mantle range (Chauvel & Hémond
2000). Sr/Nd ratios correlate with La/Nb (Pearson R > Rcritical Ebdon 1985) with higher Sr/Nd at lower
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La/Nb, i.e. more pyroxenite in the source produce higher Sr/Nd ratios. When Sr/Nd is compared to
temporal variations in δ18O for glass and groundmass melt there are tendencies to covariation (Fig.
16), but it is not entirely consistent and not statistically significant (Pearson R < Rcritiacal Ebdon 1985).
A few deviations that disrupt the covariation can be noted, e.g. for the 1847 and 1852 eruptions where
Sr/Nd (this study) are similar whereas δ18O in glass and groundmass melt increase from the 1847
eruption to the 1852 eruption. This is also apparent for the 1799 to the 1816 eruptions where Sr/Nd
and δ18O shows opposite changes.
The temporal variation of Ba/Th (data from this study), that also varies with source lithology
(Stracke & Bourdon 2009), show tendencies to covariation with δ18O in glass and groundmass but
likewise to Sr/Nd it is not significant (Pearson R < Rcritiacal Ebdon 1985). One notable difference that
disturbs the covariation pattern is between the prehistoric and the 1799 eruptions where δ18O are the
same but Ba/Th are much higher in the 1799 eruption (Fig. 16). These observations may hint to the
possibility that δ18O fluctuate as a function of variations in source composition, where a higher
proportion of pyroxenite melt could yield higher δ18O values, whereas more peridotite melt would
produce the opposite (e.g. Gurenko et al. 2011).
The temporal variation in δ18O of pyroxene and olivine crystals mostly undulate in a similar pattern
as glass and groundmass melts with some exceptions for the 1857 and 1951 eruptions where the
mineral separates has higher values and deviate (Fig. 16). Olivine δ18O does in contrast to glass and
groundmass melt show a significant correlation (Pearson´s R>Rcritical Ebdon 1985) with Ba/Th ratios if
the deviating olivine (δ18O 5.93 table 3) is excluded, which further indicate a link between δ18O and
pyroxenite variation.
As discussed before mainly two mantle source endmembers (EM 1 and HIMU) are considered in
addition to DMM in the Cape Verde mantle source region (Gerlach et al. 1988). The mantle source
endmember HIMU has been shown to have low δ18O values, whereas the EM 1 endmember is less
well defined (Eiler et al. 1997). Considering that temporal variations in Ce/Pb in lavas from Fogo
show fluctuations between lower (Ce/Pb < 20) to higher (Ce/Pb > 35) ratios a contribution from both
the EM 1-like and the HIMU-like source could be inferred (Fig. 15). It has been shown by various
isotope studies that the EM 1-like component has become more important through time in lavas from
Fogo and that there was a peak for the HIMU-like source at 1785 (Escrig et al. 2005). Such a general
trend cannot be found for Fogo lavas in terms of Ce/Pb ratios as it varies consistently between higher
and lower values through time in samples from this study. Considering Zr/Y ratios, however a trend of
lower Zr/Y values that has been linked to the HIMU-like component in lavas from Santiago toward
higher Zr/Y ratios linked to the EM 1 component (Barker et al. 2009) can be seen from the 1760 and
1785 eruptions toward the 2014 eruption (Fig. 17).
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Figure 16. Temporal variation figure for source related features of Sr/Nd and Ba/Th compared to δ18O. The
subscript of 8.5 indicate correction for fractional crystallization to MgO 8.5 wt. %. * Additional data from the
same sources as in figure 13.

The undulations in δ18O together with the variations in trace element ratios through time probably
reflect a combination of variable contribution from the HIMU-like and the EM 1-like source, as well
as mixing of pyroxenite and peridotite derived melts. To further explore a potential link between the
δ18O variation in the Fogo lavas to the mantle source endmembers, perhaps a combination of Pb, Sr
and Nd isotopes for which the endmembers have been defined (Zindler & Hart 1986), could be
employed?
Comparing some geochemical features from the Fogo lavas with other islands in the Cape Verde
archipelago and how these have varied through time reveal that in terms of Zr/Nb the Fogo lavas show
similar values as the upper range of lavas from Santiago of the southern islands for most eruptions in
this study (Barker et al. 2009) (Fig. 17). Some exceptions are eruptions from 1852, 1857, 1951 and
1995, where some samples have higher values and thus show more similarities to Santo Antäo of the
northern islands (Holm et al. 2006). Comparing Zr/Y show that Fogo lavas has a similar range as both
the Island of Santiago (~9-16, Barker et al. 2009) and the Island of Santo Antäo (Holm et al. 2006),
but with a temporal trend that change from lower more HIMU-like values in older historic eruptions
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(1760 to 1799) toward higher values in younger historic eruptions (1847 to 2014), potentially
indicating an increased influene of an EM 1-like component through time (Fig. 17).

Figure 17. Temporal variations for Zr/Nb, Zr/Y and K/Nb. The subscript of 8.5 indicate correction for fractional
crystallization to MgO 8.5 wt. %. Range in Zr/Nb for Santiago from Barker et al. (2009) and for Santo Antäo
from Holm et al. (2006). MORB, OIB and PM (primitive mantle) reference values from Sun & McDonough
(1989) *Additional data from the same source as in figure 13.

Magma mixing is probably common in the Fogo lavas as there are petrographic indications such as
frequent complex clinopyroxene zonation patterns together with observations of rounded cores.
Mixing events is also inferred from a large scatter in several trace element ratios, e.g. Zr/Y in the 1951
eruption lavas that could be from mixing of HIMU and EM 1 (Fig. 17). Hildner et al. (2012) noted that
younger historic lavas from Fogo usually displayed more signs of magma mixing than older
prehistoric lavas and they suggested that an increased eruption frequency through time led to the
formation of more shallow magma chambers and thus increased magma mixing and crystal exchange.
For this study however, only one sample was of prehistoric age and no particular variation in zonation
patterns through time was observed.
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5 Conclusions
The Fogo lavas from this study are high in alkalis; they are mafic, porphyritic and classified as
tephrite-basanites. Fractional crystallization and accumulation processes are important mechanisms for
magmatic differentiation. The phenocryst assemblage is dominated by clinopyroxene followed by
olivine and opaque phases embedded in glass and microcrystalline groundmass.
Low La/Nb ratios and high TiO2 both indicate the presence of pyroxenite as a source lithology for
the Fogo lavas. The Fogo lavas are highly enriched in incompatible elements which are the result of
low degrees of partial melt, modeled to ~2 to 4 % for most eruptions.
Oxygen isotopes for glass and microcrystalline groundmass are after mineral-melt correction all
within normal upper mantle range, which rule out any significant assimilation of crustal material.
Several geochemical features, e.g. the trace element ratios of Ce/Pb and Zr/Nb are consistent with
previous studies from the Cape Verdes in that the mantle source endmembers of a HIMU-like and EM
1-like type are present at Fogo.
A trend in magmatic evolution going from more evolved lavas in the 1760 eruption towards more
primitive compositions in 1847 can be observed, after which the trend changes back to more evolved
lavas in the most recent eruptions.
Pyroxenite is the dominant source lithology through time except for the 1857 eruption where a
higher peridotite contribution could be inferred. Oxygen isotopes undulate through time, and there are
tendencies to covariation with the source lithologies of pyroxenite and peridotite. There are also
tendencies to a higher contribution from an EM 1-like source through time as Zr/Y ratios increase,
even though there are considerable variations within single eruptions.
There are several indicators that magma mixing is of importance such as; complex zonation
patterns and the occurrence of rounded cores in euhedral clinopyroxenes, together with a large range
in certain trace element ratios such as Zr/Y.
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